www.sciencemag.org/cgi/content/full/324/5934/1551/DC1

Supporting Online Material for
Atmospheric Carbon Dioxide Concentration Across the Mid-Pleistocene
Transition
Bärbel Hönisch, N. Gary Hemming, David Archer, Mark Siddall, Jerry F. McManus
Published 19 June 2009, Science 324, 1551 (2009)
DOI: 10.1126/science.1171477
This PDF file includes:
Materials and Methods
Figs. S1 and S2
Table S1
References

Atmospheric Carbon Dioxide Concentration over the Mid-Pleistocene
Transition
Bärbel Hönisch, N. Gary Hemming, David Archer, Mark Siddall
and Jerry F. McManus
Supporting online material

Materials and Methods
1. Foraminifer samples. The shallow water depth of ODP 668B is beneficial to the
preservation of planktic foraminifer shells, as the δ11B signal recorded in G. sacculifer
has been shown to be prone to dissolution (1). δ18O was measured in shells of the surface
dwelling Globigerinoides ruber (white, 250-300 µm size fraction) at a 3-7 cm resolution.
Complementary shell weight measurements on the ultrasonically cleaned G. ruber shells
allowed us to avoid selecting partially dissolved shells for boron isotope analysis. In
addition, Globigerinoides sacculifer shells were selected from the largest size fraction
(515-865 µm), as larger shells are less susceptible to dissolution and empirical calibration
has shown that their δ11B reflects surface seawater pH (1). Boron isotope measurements
were complemented by Mg/Ca in 80 small (250-300 µm) shells of G. ruber (white),
which inhabits the same depth range as large G. sacculifer (2).

2. pH reconstruction and empirical calibration. Boric acid [B(OH)3] and borate
[B(OH)4-] are the two dominant species of dissolved boron in seawater. At low pH (<7)
virtually all boron is present in the form of boric acid, whereas at high pH (>10) boron
exists predominately in the form of borate. The stable isotope 11B is enriched in B(OH)3

compared to B(OH)4-, with a constant isotopic fractionation between the two boron
species (3, 4). Consequently, as the relative concentration of the dissolved species
changes with pH, so does their isotopic composition. Empirical calibration with live
cultured planktic foraminifers and corals has shown that the isotopic composition of
biogenic carbonates falls close to the isotopic composition of borate in seawater (5-8),
although the empirical δ11Bcarbonate/pH relationship is not as steep as predicted by the
isotopic fractionation between borate and boric acid in seawater (3). Presently the reason
for this discrepancy remains unresolved. However, it is clear that the use of empirical
calibration curves yields high-quality results, as demonstrated by the quantitative
replication of the Vostok pCO2 record from boron isotopes in the planktic foraminifer
Globigerinoides sacculifer (9).
Data presented in this study were measured on two different Thermal Ionization Mass
Spectromters (TIMS), a 15-cm radius of curvature NBS-design instrument at SUNY
Stony Brook and a Thermo Scientific TRITON at the Lamont-Doherty Earth Observatory
(LDEO). Although chemical pretreatment of both sample sets was identical and
exclusively completed at LDEO, δ11B of G. sacculifer measured on the TRITON was
lower than data measured on the NBS design TIMS at SUNY Stony Brook (1, 9). An
interlaboratory comparison of five modern and fossil G. sacculifer samples measured at
LDEO on the TRITON and at SUNY Stony Brook on the NBS instrument, revealed a
consistent offset of -1.1‰ on the TRITON that is not accounted for by standardization
against NBS 951. The only difference other than the instrument is the use of boron free
seawater (BFSW) at LDEO, which was added both to the samples and the boric acid
standard. Analyses at SUNY Stony Brook were typically done without addition of BFSW

but occasional comparisons did not reveal a difference between samples measured with
or without BFSW. We do not know what causes this instrument difference but we found
that poor ionization at 980°C and excessive fractionation at temperatures >1020°C
prohibit the analysis of foraminifer samples without boron free seawater on the TRITON.
The observed offset raises additional questions regarding the shape of the calibration
curve used for translating δ11B data measured at LDEO into pH. All published calibration
curves have been measured on the NBS instrument at SUNY Stony Brook and their shape
and inflection point does not match the isotopic composition of dissolved borate in
seawater (3, 10). Although sound reconstructions can be achieved as long as the
appropriate empirical calibrations are applied, a calibration curve measured on the
TRITON could potentially differ from a calibration curve established on the NBS
machine. We tested this on a pair of cultured Orbulina universa shell samples, which
were grown at ambient and elevated seawater pH (7.95 and 8.35, respectively) in
July/August 2008 on Catalina Island, California. The culture procedures were identical to
(7) and the measured δ11B of those two samples (18.35 and 20.95‰, respectively)
confirms the earlier calibration by (7), demonstrating that the shape and inflection point
of published calibrations is also applicable to samples measured on a TRITON.
Remarkably, no offset exists between O. universa samples measured at LDEO (with
BFSW) and at SUNY Stony Brook (with and without BFSW). We hope our (G. Foster U. Bristol, M. McCulloch & S. Eggins - ANU, J. Gaillardet – IPGP, and B. Hönisch LDEO) ongoing interlaboratory and instrument (TIMS and ICP-MS) comparison
experiment will improve our understanding of instrument and matrix effects on boron
isotope analyses.

δ11B data were translated into pH estimates using the following equation:

pH = pKB - log(-(δ11Bsw - δ11Bc - a) / (δ11Bsw - α* (δ11Bc + a) – ε)),

where pKB is the equilibrium constant for the boric acid/borate system for a given
temperature and salinity (11), δ11Bsw=39.5‰, δ11Bc is the isotopic composition of the
measured carbonate, and ε = (fractionation factor a-1)*1000 is the temperature dependent
fractionation after (4). The constant ‘a’ is the fixed offset between the theoretical borate
and empirical δ11B/pH-calibration curve for G. sacculifer, where samples measured on
the NBS instrument were corrected by -3.1‰ (8, 10) and samples measured on the
TRITON were corrected by -4.2‰. It should be noted that samples measured at SUNY
Stony Brook and LDEO are randomly distributed over the record presented here (Table
S1) and a systematic bias can thus be excluded. Temperature and salinity values used for
these calculations are given in Table S1 and estimations are described in the following.

3. Mg/Ca-SST estimates. Shells were crushed and then cleaned using a multi-step
process including repeated rinses in ultrapure water and methanol, hot reducing and
oxidizing treatments. Samples were then dissolved in 0.075 N HNO3 and analyzed in
duplicate on a JY Panorama ICP-AES (ion-coupled plasma atomic emission
spectrometry) at the Lamont-Doherty Earth Observatory. Mg/Ca ratios were translated to
sea surface temperature (SST) using a G. ruber depth-corrected coretop calibration for
the tropical Atlantic (i.e., Mg/Ca=0.38 exp 0.09 * (SST-0.61*core depth km), 12). A
recent culture calibration identified a small salinity effect on Mg/Ca in G. ruber (13),

which suggests glacial SST estimates at ODP site 668B may be overestimated by up to
1°C for a 3% higher glacial salinity (i.e. -125 m sea level). To evaluate whether this
temperature difference propagates into a significant change on the PCO2 estimate, we
recalculated the constant alkalinity scenario with these corrected temperature estimates
and found the result to be indistinguishable from the scenario using uncorrected SST
estimates (Figure S1).

4. Salinity and alkalinity estimates. The glacial/interglacial variability of salinity and
alkalinity were calculated as a function of global sea-level, as determined by (14). The
sea-level record, like our age model, is based on LR04, so that age differences can be
neglected. Based on the sea-level record, local salinity at a time t can be approximated as

St = 35.7‰ + meters of sea-level below modern/3800 m * 34.8‰ (Equation 1),

where 35.7‰ is the modern salinity at the core site, 3800 m is the average ocean depth
and 34.8‰ is the average ocean salinity.

Several proxies for reconstructing [CO3=] have been suggested in the past decade,
including U/Ca, foraminiferal shell weight and B/Ca, but none are applicable to our
study. The residence time of U in seawater is too short for the time period studied here
(15), planktic foraminiferal shell weights are equally controlled by dissolution and
calcification (16, 17) and it is not yet clear whether B/Ca actually reflects [CO3=] (18) or
pH (19). We therefore reconstructed alkalinity according to two scenarios:

(1) The “constant alkalinity scenario” assumes that total alkalinity (AT) remained
constant in the past and alkalinity can thus be estimated from the modern
alkalinity/salinity relationship at the core site (9):

AT =65.62 * S + 22.84 (R2=0.57)

(Equation 2).

(2) Our “varying alkalinity scenario” follows (20), who estimated past average ocean
alkalinity amongst others from terrestrial silicate weathering rates, where independent
records of Sr, Hf and Os isotopes provide consistent evidence for increasing exposure of
crystalline bedrock of the Canadian Shield in response to the waxing and waning of the
northern hemisphere ice sheet. The modeled alkalinity varies significantly, by up to 10.712.5% over the course of the period studied here, depending on the contribution (4 or 8%,
respectively) of weathering the Canadian Shield to total global weathering rates. Because
the average alkalinity estimates by (20) reflect global values and do not resolve
glacial/interglacial periods, we scaled the global alkalinity estimate to the modern
alkalinity measured at the core site and adjusted alkalinity similar to the salinity
variations in response to sea level changes. In summary, weathering-included alkalinity
was calculated as

AT-t = 2366 µmolkg-1 – global AT-t0 + global AT-t * St/35.7‰

(Equation 3),

where 2366 µmolkg-1 is the modern alkalinity observed at the core site, global AT-t0 and
global AT-t are the modern and past values estimated by (20), St is the salinity estimate

from Equation 1 and 35.7‰ is the modern salinity at the study site. A 5-point running
mean was calculated for the 1–kyr resolved alkalinity data (20), to account for differences
in the age models. The alkalinity estimates are presented in Figure S1.

5. Error propagation. The uncertainty of all PCO2 estimates presented here is based on
the propagated error of the individual uncertainties of pH (±0.23‰ in δ11B or ±18.1 ppm
in PCO2 on average), temperature (±3% in Mg/Ca or ~±0.77˚C on the temperature
estimate or ±5.4 ppm on average), salinity (sea level ±2000 years as determined by (14),
±0.06‰ in salinity or ±0.4 ppm on average) and alkalinity (±27 μmol kg-1 or ±3.0 ppm
on average) on the PCO2 estimate. The average propagated error for our varying
alkalinity scenario is thus ±19.1 µatm and is dominated by the 2σ uncertainty of boron
isotope analyses.

6. Validation
Paleoceanographic proxies are often controlled by more than one parameter, and because
SST varies significantly on glacial/interglacial (G/I) time scales, that potential control on
the pH estimate must be ruled out. A strong linear relationship exists between δ18Oc and
δ11Bc (R2=0.83, not shown, and R2=0.76 for the residual δ18Osw after removal of the SST
contribution to δ18Oc, Fig. S2) but only a weak relationship between δ11Bc and Mg/Catemperatures (R2=0.34, Fig. S2). The lack of a strong temperature correlation is not
surprising, as PCO2 at this site is in equilibrium with the atmosphere and thus reflects the
global pCO2, whereas SST at the core site likely reflects local temperature. In contrast,
the residual δ18Osw is broadly related to global ice volume, which co-varies with pCO2.

The weak temperature correlation thus supports the notion that the pH signal described
here is not a temperature driven artifact of the boron isotope proxy.

Figure S1. Comparison of various scenarios to estimate PCO2 from boron isotopes. The
planktic oxygen isotope stratigraphy of ODP 668B is shown on the upper panel as a
reference. Red, black and blue circles indicate samples analyzed for the PCO2
reconstruction, where red indicates extreme interglacial samples and blue indicates
extreme glacial samples. Black circles are transitional samples, which were not used for
averages calculate in Table 1. The middle panel shows theoretical alkalinity estimates to
complement the δ11B-pH estimates for calculating PCO2. Blue squares reflect Scenario 1,
where alkalinity remained constant over the past 2.1 Ma and only varied as a function of
sea level. Green and red squares in Scenario 2 consider changes in continental
weathering, marine CaCO3 production and seafloor dissolution after (20). Green squares
reflect an estimate where the Canadian Shield modulates 8% of the global weathering
rate and red squares reflect our preferred estimate, where the Canadian Shield modulates
4% of global weathering. The lower panel shows the effect of the various alkalinity
estimates on PCO2. Scenario 1 is shown in blue. Black symbols indicate the effect of
salinity on the Mg/Ca temperature estimate after (13). Red and green symbols reflect
Scenario 2, where 4% Canadian Shield weathering (red symbols) results in a slightly
better match with the ice core pCO2 measurements (dark red line) than 8% Canadian
Shield weathering (green symbols). The overall difference in the PCO2 estimates (up to
27 µatm) is small compared to the much larger difference in alkalinity (up to 221 µmol
kg-1). All scenarios agree that pre-MPT glacials were characterized by relatively higher
PCO2. But where our preferred weathering scenarios show pre-MPT interglacial PCO2
similar to interglacials of the past 400 kyr (280 µatm on average), the constant alkalinity
scenario suggests systematically higher PCO2 and average interglacial PCO2 may have
been as high as 296 µatm.

Figure S2. Cross-plots of (a) planktic δ11B vs. residual surface ocean δ18O and (b) δ11B
vs. SST. The SST contribution to the planktic δ18O has been removed following the
empirical equation of (21), where T(°C) = 14.9 - 4.80 * (δc-δw). Linear regressions have
been calculated for the entire 2.1-Ma data sets. Pre-MPT data are highlighted in red, postMPT data in blue. Note that the correlation with local δ18Osw is much stronger than with
SST, indicating that temperature merely co-varies with paleo-pH rather than exerts
control on the boron isotope proxy. Open symbols identify outliers from the δ11B vs.
δ18Osw correlation. These data may actually indicate a lead/lag relationship between δ18O
and δ11B, but our temporal resolution does not allow for interpretation of such a pattern.
These data have been excluded from both regressions and from Figures 1 and S1.

Table S1. Proxy data, alkalinity and PCO2 estimates. δ11B data with an asterisk indicate
data measured on the TRITON at LDEO, other data were measured on the NBS
instrument at SUNY SB. LDEO data were corrected for a -1.1‰ offset between data
measured at LDEO and SUNY SB, see text for details. Oxygen isotopes and Mg/Ca were
measured on G. ruber (250-300 µm), boron isotopes on large G. sacculifer (515-865
µm). Data in brackets are considered outliers, as their δ11B falls off the general δ11B/δ18O
correlation (Fig. S1). These data were excluded from Figure 1 and the main text. Mg/Ca
was translated to SST using the equation of (12), and the salinity correction after (13).
The constant alkalinity scenario assumes alkalinity changed only according to sea level
change. The varying alkalinity scenarios take into account past changes in terrestrial
weathering, rate of CaCO3 production and sedimentary dissolution, where 4% and 8%
reflect the degree to which the Canadian Shield modulates terrestrial weathering rates
(20). PCO2 estimates are based on the various alkalinity and temperature estimates, where
the varying alkalinity scenario with 4% modulation of Canadian Shield weathering
matches ice core measurements best (Fig. 1A). The PCO2 uncertainty is similar for all
estimates, given here is the specific uncertainty for our preferred “var. alk. 4%” scenario.
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